Dependence of the upward terrestrial radiance within the (3.5–4.0) μm spectral range on thermodynamic and composition parameters of the atmosphere by Tomasi, C. et al.
IL NUOVO CIMENTO Vol. 26 C, N. 2 Marzo-Aprile 2003
Dependence of the upward terrestrial radiance
within the (3.5–4.0) µm spectral range on thermodynamic
and composition parameters of the atmosphere(∗)
C. Tomasi, V. Vitale, R. Ricci, A. Lupi and A. Cacciari
ISAC-CNR - Via Gobetti 101, 40129 Bologna, Italy
(ricevuto il 12 Dicembre 2002; approvato il 13 Gennaio 2003)
Summary. — Calculations of the upward infrared radiance reaching outer space
within the (3.5–4.0) µm wavelength range were carried out to define the dependence
features of the signals measured by radiometers onboard satellites on the tempera-
ture, moisture and composition parameters of the atmosphere. In particular, sim-
ulations of upwelling radiance were performed for application to the measurements
taken by the AVHRR radiometers mounted aboard the NOAA-7 to NOAA-16 satel-
lites and the SEVIRI instrument mounted aboard the Second Generation Meteosat
(MSG-1) satellite launched in 2002. The calculations were made using a modified
version of computer code LOWTRAN 7 for a large set of atmospheric vertical pro-
files of temperature and humidity parameters, each one represented with a set of
324 isothermal layers from sea-level to 100 km height and derived from one of 23
atmospheric models relative to different latitudes and seasons. For all these atmo-
spheric configurations, we determined the temperature deficit ∆T , as given by the
difference between the surface temperature and apparent emission temperature of
the surface, the latter quantity being obtained in terms of black-body emission the-
ory from the satellite measurement of upward radiance. Parameter ∆T was found
to depend mainly on the total atmospheric content of water vapour and the shape
of the vertical profile of temperature within the ground layer: it was found to vary
considerably passing from cases of marked thermal inversions to cases of adiabatic
or superadiabatic temperature gradients. Considering sets of atmospheric models
where precipitable water was assumed to remain constant, ∆T was found to de-
crease appreciably as the temperature gradient increases from negative values (in
the presence of thermal inversions) to positive ones (for adiabatic and superadia-
batic lapse rates at the ground), presenting negative slopes that become gradually
more marked as the ground layer depth increases.
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Considering sets of atmospheric models where the moisture parameters were as-
sumed to vary widely, ∆T was found to change linearly as a function of precipitable
water, with slope coefficients varying slowly from positive to negative values, as the
temperature gradient increases from negative to positive values. As a consequence
of these dependence features, the ratio between ∆T and precipitable water was
found to increase as a function of surface temperature, following patterns closely
best-fitted by second-order polynomial curves. Dependence features of ∆T on the
mean atmospheric concentrations of methane and nitrous oxide were also deter-
mined. Similarly, ∆T was found to vary linearly as a function of aerosol optical
thickness in the visible for polydispersions of maritime, rural, urban and tropo-
spheric aerosols, presenting the most marked slope in the case of maritime aerosols.
An overall procedure is proposed for calculating ∆T , taking into account i) the
latitudinal and seasonal conditions of the atmosphere, ii) estimates of ground-level
temperature and precipitable water, as derived from satellite and/or ground-based
measurements of meteorological parameters, iii) aerosol optical thickness at visible
wavelengths, and iv) CH4 and N2O atmospheric concentrations.
PACS 92.60.Fm – Boundary layer structure and processes.
PACS 92.60.Jq – Water in the atmosphere (humidity, clouds, evaporation, precip-
itation).
PACS 92.60.Ta – Interaction of atmosphere with electromagnetic waves; propaga-
tion.
PACS 42.68.-w – Atmospheric optics.
1. – Introduction
The atmospheric transmittance spectrum measured within the visible and infrared
wavelength range shows several intervals characterised by high transparency features,
situated between various strong absorption bands of water vapour, carbon dioxide and
ozone. Among these highly transparent regions, which are commonly called “atmospheric
windows”, the wavelength interval from 3.5 to 4.0 µm generally exhibits the highest
transmittance features among those appearing throughout the atmospheric spectrum
from 0.25 to 30 µm and beyond. This window is limited on the left side by the group
of vibro-rotational bands ν3, ν1 and 2ν2 due to water vapour (corresponding to the
main fundamental transitions at the 2.663, 2.734 and 3.173 µm wavelengths), and on
the right side by the vibro-rotational bands ν3 and (ν1 + ν2) of the carbon dioxide
molecule, which correspond to the main fundamental transitions at 4.257 and 4.815 µm
wavelengths, respectively [1].
Numerous measurements of upward terrestrial radiance have been performed over the
past years, and they are now routinely taken within this spectral interval by the AVHRR
radiometers mounted aboard the NOAA satellites in order to measure the radiation fluxes
reaching the outer atmospheric boundaries, such observational data being of great bene-
fit for both climatological and meteorological studies. The various AVHRR radiometers
mounted aboard the operational sun-synchronous satellites NOAA-7 to NOAA-14 and
NOAA-16 have provided and continue to provide measurements of the radiance emitted
by the Earth-atmosphere system towards space in the 3.55–3.93 µm wavelength inter-
val [2-4]. Upward radiance measurements in this spectral range are also currently taken
in scientific experiments performed with the SEVIRI instrument mounted aboard the
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MSG-1 satellite [5, 6].
These satellite measurements of upward terrestrial radiance can be analysed very
usefully in order to determine with good precision the emission temperature of the sea
surface (SST) and, more generally, of the terrestrial surface, provided that atmospheric
transmission and emission models are appropriately used for different latitudinal and
seasonal conditions. The comparison between the measurements taken within the 3.5–
4.0 µm radiometric channel and those furnished by the same radiometers in other infrared
channels [7-11] can also provide useful information on the thermal features of the Earth
surface. Upward radiance measurements from satellites at different infrared channels can
also be used in order to obtain cloud classification diagrams, as well as reliable evaluations
of the cloud-top temperature [12,13].
Mainly because of water vapour, minor gases and aerosol particles, the atmosphere
attenuates to a not negligible extent the thermal radiation emitted upward by the surface
within the wavelength range from 3.5 to 4.0 µm. Thus, only a limited fraction of the
radiation emitted by the surface reaches outer space. Moreover, the radiation emitted
upward by the various atmospheric layers (which are generally colder than the terrestrial
surface) turns out to be considerably attenuated by the overlying atmosphere. As a con-
sequence of such concurring emission, absorption and scattering processes, the terrestrial
radiance reaching space is generally smaller than the radiance emitted directly by the
Earth’s surface. In other words, the temperature value Tb calculated as the equivalent
temperature that corresponds—in terms of the black-body emission theory—to the up-
ward radiance measurement provided by a satellite radiometer is generally smaller than
the real surface emission temperature Ts. The difference
∆T = Ts − Tb(1)
is commonly called “temperature deficit”. This quantity assumes positive values in the
most real cases [9].
The above remarks suggest very strongly that the temperature deficit produced by the
atmospheric attenuation processes is only partly compensated by atmospheric emission
contributions. Thus, ∆T is expected to be related very closely to the total contents
and the vertical distribution features of the atmospheric constituents that absorb and/or
scatter the infrared radiation. In the 3.5–4.0 µm spectral range, several atmospheric gases
cause intense absorption, while aerosol particles can produce marked scattering effects in
particular cases characterised by high values of the aerosol optical thickness, such as those
presenting layers of haze droplets near the ground [14]. Therefore, before evaluating how
extensively the temperature deficit ∆T relative to the 3.5–4.0 µm spectral interval varies
as a function of the meteorological and atmospheric composition parameters, it seems
useful to describe the most significant spectral features of the atmospheric extinction
processes occurring within this spectral range.
2. – Atmospheric extinction features in the 3.5–4.0 µm wavelength range
The infrared radiation attenuation in the 3.5–4.0 µm atmospheric window is mainly
due to i) selective absorption by water vapour (due to both H2O and HDO molecules), ii)
selective absorption by methane (CH4), nitrous oxide (N2O) and other minor gases, iii)
continuum absorption by both water vapour and nitrogen (N2), and iv) aerosol extinction.
The spectral features of these attenuation processes are as follows:
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Fig. 1. – a) Spectral curves of atmospheric transmittance determined in the 3.2–4.2 µm wave-
length range using the computer code LOWTRAN 7 [16] for the atmospheric models called Sub-
arctic Winter (SW), US Standard Atmosphere 1976 (US) and Tropical (TR) [17, 18]. Aerosol
particle extinction was calculated in terms of the rural aerosol particle extinction model [19]
normalised to visual range V0 = 23 km at ground level. b) Spectral curves of atmospheric trans-
mittance obtained using the computer code MODTRAN 4 [20, 21] for the atmospheric model
US [17, 18]. The arrows indicate the spectral features associated with the three branches P, Q,
and R of the HDO band.
1) Selective absorption by water vapour : it is mainly produced by isolated lines in
the right wing of the absorption band 2ν2, which is often labelled with the Greek letter
X′ [15]. As shown in fig. 1, the atmospheric attenuation spectrum in this wavelength range
is dominated by the presence of the strong vibro-rotational absorption band ν1, produced
by HDO molecules, which consists of the typical Q-branch centred at wavelength λ =
3.672 µm and of the side-branches P and R covering the whole spectral range from 3.478
to 3.922 µm [22]. In reality, the HDO molecular concentration in the atmosphere is
very low, commonly evaluated to be equal to about 3 × 10−4 times the H2O molecule
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concentration [23, 24]. Nevertheless, the intensities of the HDO absorption lines are
generally so strong as to yield very high values of the partial atmospheric optical thickness
associated with the selective water vapour absorption in the 3.5–4.0 µm spectral window,
as can be seen in fig. 2. Due to the strong intensity characteristics of the HDO lines,
the spectral features of this band can also be easily recognised in the emission spectra of
atmospheric radiance measured from ground-level stations [25].
2) Selective absorption by other gases: it is mainly due to the molecules of methane
(CH4) and nitrous oxide (N2O). The strong vibro-rotational band ν3 of methane has its
fundamental transition at 3.312 µmwavelength. Other two vibro-rotational bands of CH4
are the (ν2 + ν4) and 2ν4 bands, which are centred at 3.542 and 3.846 µm wavelengths,
respectively, presenting several strong absorption lines within the 3.5–4.0 µm atmospheric
window. In particular, the right wing of the ν3 band exhibits important absorption
features at wavelengths shorter than 3.65 µm, as can be seen in figs. 1 and 2. The
nitrous oxide absorption spectrum presents a weak absorption band centred at 3.574 µm
and three other more intense absorption bands corresponding to transitions located at
3.881, 3.901 and 4.063 µm wavelengths [1]. Figure 2 shows that the absorption caused
by these strong bands yields optical thickness values varying between 10−2 and 10−1
in the 3.85–3.97 µm wavelength interval. Another thirteen weak bands due to various
isotopic forms of the N2O molecule are present throughout the 3.574–4.041 µm spectral
range [26].
Numerous weak absorption lines are also produced by the carbon dioxide (CO2)
molecule, due to i) nine weak absorption bands, distributed through the wavelength
range from 3.5 to 4.0 µm, and ii) six other bands from 4.057 to 4.140 µm. The extinction
effects produced by this long sequence of weak absorption bands overlap to the wing
effects caused by the nearby strong absorption band of CO2, centred at λ = 4.257 µm
and by the not far bands of water vapour and nitrous oxide in the range λ > 4.225 µm.
The ozone (O3) molecule exhibits a weak absorption band centred at the 3.590 µm
wavelength. Other weak absorption bands are due to the molecules of formaldehyde (five
bands centred at wavelengths ranging from 3.517 to 4.000 µm), sulphur dioxide (one band
centred at λ = 4.000 µm), nitrogen dioxide (one band centred at λ = 3.441 µm), hydrogen
bromide (two bands, both centred at about λ = 3.908 µm) and hydrogen chloride (two
bands centred at 3.465 and 3.468 µm, respectively), as well as by OH radicals (four bands
centred at 3.430, 3.634, 3.868 and 4.141 µm wavelengths). All these absorption bands
were examined by means of laboratory measurements and spectroscopic studies [26-28] to
define their spectral absorption features with appropriate values of the shape-parameters
of their absorption lines. However, the O3 band and all the above-mentioned bands of the
other gases are very weak, and cause in practice only negligible effects on the upwelling
infrared radiance measured from satellites.
3) Continuum absorption by water vapour and nitrogen: it yields spectral features
that can be easily recognised in the atmospheric transmittance spectrum shown in fig. 1.
The atmospheric water vapour continuum was represented by Kneizys et al. [16] as the
sum of the two following terms [29]:
a) a foreign-broadening term, which is attributed to the spectral broadening of the
absorption lines produced by collisions between air and water molecules and, according
to the collision-broadening theory, is proportional to the dry air pressure through a
coefficient depending closely on air temperature [30]; and
b) a self-broadening term, which is attributed to the spectral broadening of the ab-
sorption lines caused by mutual collisions between water molecules and is directly propor-
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Fig. 2. – Spectral curves of the partial optical depths produced in the US Standard Atmo-
sphere 1976 (model US) [16-18] by 1) water vapour selective absorption, due to H2O and HDO
molecules (solid circles), 2) water vapour continuum (solid triangles), 3) nitrogen continuum
(solid squares), 4) minor gases, such as methane, nitrous oxide, carbon dioxide and ozone, con-
sidered all together (solid diamonds), 5) the rural aerosol particle model [19], normalised to visual
range V0 = 15 km at ground level (open squares), 6) the maritime aerosol particle model [19],
normalised to V0 = 23 km (open circles), and 7) the urban aerosol particle model [19], normalised
to V0 = 12 km (open triangles).
tional to the water vapour partial pressure through a coefficient that sharply decreases
as a function of increasing air temperature [30].
The spectral curve of the partial optical thickness given by the overlapping of the two
water vapour continuum components is shown in fig. 2, as obtained for the atmospheric
model commonly called US Standard Atmosphere 1976 (model US) [16-18]. As can be
seen, the optical thickness due to the overall water vapour continuum turns out to be
considerably smaller than that produced by the selective water vapour absorption.
The nitrogen molecule presents intense continuum absorption features beyond the
3.9 µm wavelength, which are described with good accuracy by Kneizys et al. [31]. This
continuum is associated with a dipole moment induced by collisions in the homopolar
molecule of nitrogen. Figure 2 shows the spectral dependence curve of the optical thick-
ness produced by this pressure-induced absorption of the N2 molecules in the 3.5–4.0 µm
spectral range, for standard conditions of the atmosphere (model US) [16-18].
4) Atmospheric extinction by aerosol particles: as predicted by the Mie theory, air-
borne aerosol particles extinguish infrared radiation by both scattering and absorption.
The spectral features of these attenuation effects depend on several parameters, mainly
the shape of the columnar aerosol size-distribution curve, the vertical profile of total par-
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ticle number concentration, the spectral characteristics of both real and imaginary parts
of the particulate matter refractive index, and the shape-parameters of aerosol particles,
which are known not to have usually spherical shapes. It is also important to point out
that both the shape of the aerosol size-distribution curve and the complex refractive index
of particulate matter are closely related to the origin, formation and evolution processes
of the aerosol particles and, hence, depend also on the relative humidity conditions of the
air masses where the aerosols are suspended [32]. It is difficult to define realistic aerosol
extinction models, since the shape of the particle size-distribution curve usually varies
with time and is very often characterised by multimodal features covering the particle
size range from a few tens of A˚ngstro¨ms to some tens of micrometers. This is true not
only of industrial sites but also ones very distant from urban areas [33]. When the relative
humidity of air increases, aerosol particles begin to grow by condensation and the number
density concentrations of both accumulation and coarse particles tend to increase [34].
Consequently, such particles may play an increasing role in extinguishing the infrared
radiation [35]. As shown by Volz [36], the real part of the particulate matter refractive
index can present greatly differing values in the 3.5–4.0 µm spectral interval, depending
on the physico-chemical properties of the aerosol particles: values ranging from 1.1 to
more than 1.3 are frequently found in soot particles, while values varying from 1.2 to
1.6 are typical of water soluble substances and sea-salt particles. Correspondingly, the
imaginary part of the refractive index assumes values of about 10−3 for sea-salt particle
polydispersions, about 10−2 for water soluble substances and between 0.1 and 1.0 for
soot particles [36,37].
The large variability of the dielectric properties of particulate matter clearly implies
that the absorption produced by aerosol particles within the 3.5–4.0 µm atmospheric
window can change considerably from one case to another. In order to give an idea of
the variability of the aerosol extinction characteristics as a function of number density,
size-distribution curve parameters and particulate refractive index, fig. 2 shows the spec-
tral curves of the particulate optical thickness τa(λ), as calculated for various aerosol
extinction models presenting particle polydispersions of diverse origins [19] and different
values of the visual range V0 at ground level. These results indicate that the infrared
radiation extinction due to large columnar contents of aerosol particles can sometimes
be so intense as to cause a strong attenuation of the radiation emitted upward by the
terrestrial surface and, consequently, yield very high values of temperature deficit ∆T
in this spectral window. Thus, the upward radiance emitted by the surface-atmosphere
system is expected to depend not only on the temperature conditions and water vapour
content of the atmosphere, but also on the columnar atmospheric content and radiative
characteristics of aerosol particles.
3. – The atmospheric models
The spectral distribution functions of atmospheric transmission relative to aerosol
particles, Rayleigh scattering and atmospheric gases can be calculated with the spec-
tral resolution of 5 cm−1 by means of the computer sub-routines [19, 26-28] employed
in the computer codes LOWTRAN 7 and MODTRAN 4 [16, 20, 21, 31]. Calculations of
both downward and upward radiation fluxes through the atmosphere can be obtained
for different thermodynamic conditions of the atmosphere, which are usually described
by means of atmospheric models defined for various latitudes and seasonal conditions.
The spectral attenuation and emission characteristics of the atmosphere can be accu-
rately calculated using partial transmittance sub-routines, which enable us to determine
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Table I. – Values of surface temperature T0, absolute humidity q0 at sea level, precipitable water
w and temperature gradient γ for the 23 atmospheric models [17, 39-41] chosen for the present
calculations of upwelling radiance in the 3.5–4.0 µm spectral range.
Model Atmospheric model T0 (K) q0 (g m
−3) w (g cm−2) γ (K/km)
number
1 Tropical (TR) 300.0 19.0 4.12 −6.0
2 Mid-latitude Winter (MW) 272.2 3.5 0.85 −3.5
3 Mid-latitude Summer (MS) 294.0 14.0 2.92 −4.0
4 Subarctic Winter (SW) 257.1 1.2 0.42 + 2.0
5 Subarctic Summer (SS) 287.0 9.1 2.09 −5.0
6 U. S. Standard 1976 (US) 288.1 5.9 1.42 −6.5
7 Milan Winter 276.2 5.4 0.95 + 1.8
8 Milan Spring 296.2 13.4 2.07 −12.5
9 Milan Summer 303.2 16.7 2.60 −17.4
10 Milan Autumn 288.2 9.6 1.27 −10.0
11 Po Valley Winter (00:00 GMT) 276.3 5.0 0.95 + 6.9
12 Po Valley Winter (12:00 GMT) 278.5 5.1 0.82 −0.8
13 Po Valley Spring (00:00 GMT) 288.4 9.5 1.65 −1.5
14 Po Valley Spring (12:00 GMT) 293.5 10.1 1.55 −12.7
15 Po Valley Summer (00:00 GMT) 296.2 14.5 2.73 + 1.5
16 Po Valley Summer (12:00 GMT) 301.5 15.0 2.26 −13.5
17 Po Valley Autumn (00:00 GMT) 281.3 7.6 1.28 + 5.6
18 Po Valley Autumn (12:00 GMT) 286.5 7.9 1.20 −7.1
19 Alpex Spring (00:00 GMT) 280.7 6.0 1.15 + 5.8
20 Alpex Spring (06:00 GMT) 279.4 6.0 1.10 + 8.2
21 Alpex Spring (12:00 GMT) 287.1 6.9 1.02 −8.3
22 Alpex Spring (18:00 GMT) 285.4 5.5 1.02 −2.1
23 Indian Ocean (IO) 300.6 22.4 5.11 −7.3
the spectral curves of the partial transmission terms through the various atmospheric
layers, relative to Rayleigh scattering, molecular absorption and aerosol scattering and
absorption, separately.
For the present study, the twenty-three atmospheric models listed in table I were
used. Each atmospheric model is characterised by a mean vertical profile of tempera-
ture and a mean vertical curve of absolute humidity, corresponding to a certain season,
latitude and area of the planet. The first six models in table I are those presented by
McClatchey et al. [17]. The other four models, hereinafter called the Milan models, are
those defined by Tomasi [38] through the analysis of radiosounding data taken at the
Milan Linate Airport station (Italy) at 13:00 local time (12:00 GMT) during various sea-
sons. The eight Po Valley models are those determined by Tomasi and Paccagnella [39]
from radiosoundings taken at the Milan Linate Airport station (Italy) during different
seasonal periods in various years, considering separately the nocturnal and diurnal con-
ditions of the atmospheric boundary layer, since they are strongly diversified as a result
of the intense processes of solar heating or nocturnal cooling at the ground. Another four
models, called Alpex Spring models, were defined by Tomasi and Paccagnella [39] from
radiosounding measurements taken during the Alpex measurement campaign in spring
1982, at four different times (00:00 GMT, 06:00 GMT 12:00 GMT and 18:00 GMT)
of the day and at three radiosounding stations in the Po Valley area. The last model
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was determined by Tomasi [40] from a large set of meteorological data taken with forty
radiosoundings performed in an equatorial area of the Indian Ocean, not far from the
Seychelles Islands. For all the above 23 models, the vertical distribution curves of air
temperature, absolute humidity and other meteorological parameters (dew-point, relative
humidity, water vapour partial pressure, air total pressure) were determined by Tomasi
and Deserti [41] at 208 significant levels from the surface to 100 km height, through the
following procedure:
i) in each model, the temperature was assumed to vary linearly as a function of
altitude, from one significant level to the subsequent one;
ii) in each model, the absolute humidity was assumed to vary exponentially as a
function of altitude from each significant level to the subsequent one;
iii) in the altitude range from 12 to 100 km, the four Milan models were assumed to
present similar vertical profiles of temperature and moisture parameters to those given
by the Mid-latitude models [17];
iv) the eight Po Valley models [39], defined only in the altitude range from the surface
to 10 km, were assumed to present the vertical distribution curves of temperature and
moisture parameters determined by Tomasi and Deserti [41] at upper levels from 10 to
100 km, in close agreement with those of the Mid-latitude models [17];
v) the four Alpex Spring models [39], defined in the height range from the surface
to 25 km, were assumed to present the vertical curves of temperature and moisture
parameters calculated by Tomasi and Deserti [41] in the altitude range from 25 to 100 km;
vi) the Indian Ocean model [40], defined in the altitude range from the sea surface
to 24 km, was assumed to have the same vertical distribution curves of temperature
and moisture parameters given by the Tropical model [17] from 30 to 100 km height,
while the vertical profiles of temperature and humidity parameters from 24 to 30 km
were determined according to the interpolation criteria described at points i) and ii),
respectively.
On the basis of these assumptions, the values of temperature and absolute humidity
were calculated at levels varying in steps of i) 25 m through the altitude range from 0 to
1 km, ii) 50 m from 1 to 2 km, iii) 100 m from 2 to 5 km, iv) 200 m from 5 to 12 km,
v) 250 m from 12 to 20 km, vi) 500 m from 20 to 30 km, vii) 1 km from 30 to 50 km,
and viii) 5 km from 50 to 100 km. For all the 23 atmospheric models in table I, the
values of air pressure, air temperature, moisture parameters and water vapour content
in the vertical column of unit cross-section from the sea-level to altitude z were assumed
to be those calculated by Tomasi and Deserti [41] at 208 fixed values of z ranging from
0 to 100 km. The values of atmospheric precipitable water w are also listed in table I, as
given by the sum of the partial columnar contents of water vapour mass within the 207
atmospheric layers defined by the above-fixed levels.
For all the 23 atmospheric models, we also calculated the values of the temperature
gradient γ from the surface to 0.4 km height given in the last column of table I. Since
strong processes of surface cooling or heating can occur within the ground layer of the
atmosphere, parameter γ gives a measure of the vertical stability or instability conditions
characterising the lower part of the boundary layer in each model. Examining the results
in table I, it can be seen that the vertical profile of temperature exhibits:
1) marked inversions and, hence, absolute stability conditions of the ground layer in
the Subarctic Winter, Milan Winter and Po Valley Winter (00:00 GMT) models;
200 C. TOMASI, V. VITALE, R. RICCI, A. LUPI and A. CACCIARI
2) well-defined stability features throughout the ground layer in the US Standard
Atmosphere 1962, Subarctic Summer and Indian Ocean models; and
3) absolute instability conditions of the surface layer in the Milan Summer, Po Valley
Spring (12:00 GMT) and Po Valley Summer (12:00 GMT) models.
4. – Calculations of the upward radiance flux in different atmospheric models
The computer code LOWTRAN 7 [16] is suitable for use with all the atmospheric mod-
els described above. Each atmospheric model provides the vertical distribution curves of
temperature, air pressure and moisture parameters in the altitude range from 0 to 100 km:
these profiles can be divided by the LOWTRAN 7 [16] code into no more than thirty-
three layers of variable depths. For each layer, the transmittance sub-routines furnish the
spectral curves of partial transmittance due to the various atmospheric constituents as a
function of wave number ν (given by the inverse of wavelength measured in cm), with a
spectral resolution of 5 cm−1 in the wave number range from 350 to 40000 cm−1, which
corresponds to the 0.25–28.6 µm wavelength interval. The LOWTRAN 7 code assumes
that i) each atmospheric layer is isothermal and presents a temperature value calcu-
lated as the average between the temperatures defined at the two extreme levels of the
layer, and ii) each atmospheric layer has emittance equal to the absorptance (according to
Kirchhoff’s law) and, hence, to the difference between unity and the partial transmittance
of the layer calculated for the absorption processes only, which are due to both gases and
aerosols. Thus, using the LOWTRAN 7 [16] code for all the 23 atmospheric models, it is
possible to calculate the spectral curves of the radiance emitted upward by the various
atmospheric layers, as well as those of the upwelling radiance reaching the outer space.
In order to study the dependence features of temperature deficit ∆T on the various ther-
modynamic and composition parameters of the atmosphere, one can then calculate the
spectral distribution curves of upward radiance R(ν) in the 2500.00–2857.14 cm−1 wave
number range, which corresponds to the 3.5–4.0 µm wavelength range, determining the
monochromatic values of R(ν) in wave number steps of 5 cm−1, for all the 23 models in
table I.
In carrying out these computations for each atmospheric model, the following two
assumptions were made:
i) The surface temperature Ts is equal to the air temperature T0 at ground level.
This assumption is not far from the reality for most cases in maritime areas, but it often
appears to be unrealistic in areas where the terrain is subject to strong diurnal heating
by solar radiation or is affected by intense radiative cooling during the night.
ii) The surface behaves as a perfect black body and, therefore, its emittance is equal to
unity. This assumption is quite realistic in maritime areas, but somewhat unrealistic in
continental areas, since the absolute emittance of the terrain is estimated to vary usually
between 0.93 and 0.98 in the 3.5–4.0 µm spectral range [9].
The LOWTRAN 7 [16] code divides the atmosphere into a limited number ( 33) of
isothermal layers of variable depths from the surface level to 100 km height, and calculates
the water vapour content of each layer from the values of absolute humidity determined
at the two extreme levels of the layer. Thus, in order to 1) obtain realistic calculations
of the upward radiance flux for different vertical profiles of temperature and absolute
humidity, and 2) evaluate the importance of the errors due to the choice of the criteria
adopted for subdividing the atmosphere into several isothermal layers, we decided to use
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three different schemes of vertical subdivision of the atmosphere, as defined by the three
series of significant levels in table II:
1) series A, which establishes 32 layers from sea level to 100 km height, according
to the subdivision scheme chosen in the original version of the LOWTRAN 7 [16] code,
defining 25 layers of 1 km depth from the sea level to the 25 km height, 5 layers of 5 km
depth from 25 to 50 km, the penultimate layer from 50 to 70 km and the last layer from
70 to 100 km;
2) series B, which defines an overall number of 29 atmospheric layers from the sea level
to 100 km, so as to i) increase the number of layers below the 5 km altitude, where the
atmosphere presumably presents stronger absorption conditions for the infrared radiation
and, hence, more intense thermal emission, and ii) reduce the number of layers in the
upper atmospheric region, where the absorption is in general considerably weaker than
that usually occurring in the low troposphere; and
3) series C, which defines 33 layers in all, 21 of which are situated below the altitude
of 6 km and only 8 layers are used to represent the thermodynamic features of the
stratospheric and mesospheric regions, from 10 to 100 km.
The subdivision scheme described by series C was chosen in order to focus on the emis-
sion processes occurring in the lower troposphere, and necessarily neglects the thermal
radiation emission occurring in the upper part of the troposphere. Particular attention
was also paid to the role played by aerosol particle polydispersions, taking into account
that the aerosol radiative effects are more intense in the lower troposphere. Moreover, in
order to represent the airborne aerosol extinction effects more realistically, we decided to
use the aerosol models determined by Shettle and Fenn [19] for particle polydispersions
of rural, urban, maritime and tropospheric origins:
i) the tropospheric aerosol extinction model presents a monomodal size-distribution
curve of log-normal shape, where the mode radius gradually increases as a function of
the relative humidity of air, the aerosol particles being composed by a mixture of water-
soluble and dust-like substances;
ii) the rural aerosol extinction model presents a bimodal size-distribution curve, in
which the first mode has a log-normal shape and consists of tropospheric aerosol parti-
cles, and the second has a log-normal shape and consists of large rural aerosols containing
water-soluble substances (ammonium and calcium sulphate, together with organic com-
pounds) for the 70% of the total mass and dust-like particulate matter for the remaining
30%;
iii) the maritime aerosol extinction model presents a bimodal size distribution curve
consisting of a log-normal mode of tropospheric aerosol particles and a log-normal mode
of oceanic aerosol particles (sea-salt solution droplets);
iv) the urban aerosol extinction model presents a bimodal size-distribution curve, in
which the first mode is given by a log-normal size distribution curve of small aerosol
particles having a similar shape to that of the tropospheric model, and the second mode
is represented by a log-normal polydispersion of large aerosol particles: in both modes,
the aerosol particles were assumed to be a mixture of rural aerosol (for the 80% of the
total mass) and carbonaceous (soot-like) aerosol (for the residual 20%).
In all these aerosol extinction models, the visual range V0 at ground level was assumed
to vary from 5 km (hazy conditions) to 23 km (clean air conditions), correspondingly
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Table II. – Series A, B and C of significant levels selected in order to subdivide the atmosphere
into isothermal layers for calculations of the upwelling radiance within the 3.5–4.0 µm spectral
range, using the LOWTRAN 7 [16] computer code.
Level Height z (km)
number Series A Series B Series C
1 0.0 0.0 0.0
2 1.0 0.5 0.1
3 2.0 1.0 0.2
4 3.0 1.5 0.3
5 4.0 2.0 0.4
6 5.0 2.5 0.6
7 6.0 3.0 0.8
8 7.0 3.5 1.0
9 8.0 4.0 1.2
0 9.0 4.5 1.4
11 10.0 5.0 1.6
12 11.0 6.0 1.8
13 12.0 7.0 2.0
14 13.0 8.0 2.2
15 14.0 9.0 2.6
16 15.0 10.0 3.0
17 16.0 12.0 3.5
18 17.0 14.0 4.0
19 18.0 16.0 4.5
20 19.0 18.0 5.0
21 20.0 20.0 5.5
22 21.0 22.0 6.0
23 22.0 25.0 7.0
24 23.0 30.0 8.0
25 24.0 35.0 9.0
26 25.0 40.0 10.0
27 30.0 45.0 12.0
28 35.0 50.0 14.0
29 40.0 70.0 16.0
30 45.0 100.0 20.0
31 50.0 – 30.0
32 70.0 – 40.0
33 100.0 – 50.0
34 – – 100.0
producing different values of the aerosol optical thickness τa(λ) at visible and infrared
wavelengths, while the columnar aerosol mass content varies with aerosol optical thickness
and particulate matter composition. For instance, on the basis of computations carried
out according to the results obtained by Shettle and Fenn [19], Elterman [42], Tomasi [43]
and Tomasi and Vitale [44] for rural aerosol particles, we found that optical thickness
τa(0.55 µm) is equal to 0.235 and 0.780 for values of the visual range V0 equal to 23 and
5 km, respectively. Correspondingly, the vertical mass loading of aerosol particles was
found to be equal to 0.074 gm−2 for V0 = 23 km and to 0.247 gm−2 for V0 = 5 km. These
results clearly indicate that the particulate mass content in the vertical atmospheric
DEPENDENCE OF THE UPWARD TERRESTRIAL RADIANCE ETC. 203
Fig. 3. – Spectral curves of the upwelling radiance R(ν) calculated in the wave number range from
2500 to 2860 cm−1 (i.e. within the wavelength range from 4.0 to about 3.5 µm, respectively)
for the following four atmospheric models [17]: Tropical (TR), Mid-latitude Summer (MS), US
Standard Atmosphere 1976 (US), and Mid-latitude Winter (MW). Each of the four atmospheric
models was subdivided into 32 isothermal layers defined by the significant levels listed in series
A of table II. In all models, aerosol particle extinction was calculated in terms of the bimodal
size-distribution model of rural aerosol particles [19], normalised to visual range V0 = 23 km at
ground level.
column of unit cross-section can increase considerably, for instance by a factor equal to
about 3.2 in the case of the rural aerosol extinction model, as one passes from high visual
range conditions to hazy conditions at ground level.
5. – Computation of the temperature deficit
Using the LOWTRAN 7 [16] code within the 3.5–4.0 µm wavelength range for all the
atmospheric and physical models described in the previous sections, we determined the
spectral distribution curves of radiance R(ν) emitted upward in the vertical direction by
the surface-atmosphere system. Figure 3 shows the spectral radiance curves obtained for
four atmospheric models chosen among those defined by McClatchey et al. [17], which
were subdivided into the isothermal layers defined by the series A of significant levels
and normalised to V0 = 23 km for the rural aerosol extinction model [19]. Precipitable
water w changes from one atmospheric model to another, increasing from 0.85 g cm−2
(model MW) to 4.12 g cm−2 (model TR), while aerosol extinction parameters were
assumed to be the same in all four cases. Thus, fig. 3 shows very clearly that the
spectral upward radiance R(ν) increases considerably at all the wave numbers ν as the
atmospheric content of water vapour increases from low values typical of mid-latitude
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Fig. 4. – Spectral curves of upwelling radiance R(ν) calculated in the wave number range from
2500 to 2860 cm−1 for the following four cases, in which the aerosol extinction was represented
in terms of the maritime aerosol particle model [19] normalised to two different values of the
visual range V0 at sea level: 1) Indian Ocean (IO) model [40,41] with V0 = 50 km, 2) model IO
with V0 = 5 km, 3) Subarctic Summer (SS) model [17] with V0 = 50 km, and 4) model SS with
V0 = 5 km. Each atmospheric model was subdivided into 33 isothermal layers defined by the
significant levels listed in series C of table II.
winter conditions to high values typical of atmospheres presenting warm and humid air
conditions in their lower part.
Figure 4 presents the spectral curves of R(ν) obtained for the Indian Ocean (IO)
and Subarctic Summer (SS) models with values of V0 equal to 5 and 50 km: these
calculations were made using the subdivision scheme C given in table II and representing
aerosol particle extinction with the maritime aerosol model [19]. The two curves of R(ν)
determined for model IO turn out to be very similar, presenting considerably higher
values than those found for model SS at all wave numbers: the results confirm that
water vapour absorption and corresponding emission processes (strongly depending on
the thermal conditions of the atmosphere) exert a marked influence on the intensity of
upward radiance R(ν), as pointed out in fig. 3. These remarks suggest that radiance
R(ν) can vary greatly with season and latitude at all the wave numbers and, to a lesser
extent, as a consequence of visual range and aerosol optical thickness variations.
Spectral curves of R(ν) were then calculated over the 3.5–4.0 µm spectral interval
for the 23 atmospheric models listed in table I, using the four aerosol particle extinction
models described in the previous section and considering different values of visual range
V0 ranging from 5 to 50 km. The calculations were performed using the three schemes
A, B and C to subdivide the whole atmosphere into isothermal layers. All the spectral
curves were subsequently integrated from 2500 to 2857.14 cm−1 in order to calculate
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Table III. – Values of upwelling radiance R measured inW cm−2sr−1 (cm−1)−1 and temperature
deficit ∆T (measured in K), obtained for the 23 atmospheric models listed in table I (where the
aerosol extinction is represented in terms of the rural aerosol model [19], assumed in all models
to have visual range V0 = 23 km at ground level), by subdividing the atmospheric region from
sea level to the 100 km height into several isothermal layers, according to the schemes A, B and
C shown in table II and the subdivision scheme D adopted by Tomasi et al. [45, 46].
Model Scheme A Scheme B Scheme C Scheme D
number R ∆T R ∆T R ∆T R ∆T
1 2.003×10−5 3.44 2.006×10−5 3.41 2.007×10−5 3.40 2.006×10−5 3.41
2 5.876×10−6 1.58 5.881×10−6 1.56 5.883×10−6 1.55 5.880×10−6 1.56
3 1.591×10−5 2.68 1.593×10−5 2.65 1.594×10−5 2.64 1.593×10−5 2.65
4 2.679×10−6 0.85 2.680×10−6 0.84 2.681×10−6 0.83 2.680×10−6 0.84
5 1.166×10−5 2.56 1.168×10−5 2.53 1.169×10−5 2.51 1.168×10−5 2.53
6 1.228×10−5 2.45 1.230×10−5 2.41 1.230×10−5 2.41 1.229×10−5 2.43
7 7.288×10−6 1.31 7.306×10−6 1.26 7.305×10−6 1.27 7.301×10−6 1.28
8 1.720×10−5 3.08 1.722×10−5 3.06 1.723×10−5 3.04 1.719×10−5 3.10
9 2.284×10−5 3.53 2.283×10−5 3.54 2.282×10−5 3.56 2.278×10−6 3.59
10 1.258×10−5 1.99 1.258×10−5 1.99 1.258×10−5 1.99 1.256×10−5 2.03
11 7.298×10−6 1.38 7.324×10−6 1.31 7.338×10−6 1.28 7.334×10−6 1.29
12 8.111×10−6 1.54 8.127×10−6 1.50 8.129×10−6 1.49 8.122×10−6 1.51
13 1.251×10−5 2.39 1.255×10−5 2.33 1.256×10−5 2.30 1.255×10−5 2.33
14 1.546×10−5 2.78 1.547×10−5 2.77 1.548×10−5 2.76 1.544×10−5 2.81
15 1.742×10−5 2.80 1.749×10−5 2.71 1.753×10−5 2.66 1.752×10−6 2.67
16 2.155×10−5 3.20 2.156×10−5 3.19 2.156×10−5 3.19 2.152×10−5 3.23
17 9.330×10−6 1.46 9.363×10−6 1.39 9.384×10−6 1.34 9.378×10−6 1.36
18 1.168×10−5 1.95 1.169×10−5 1.93 1.169×10−5 1.93 1.168×10−5 1.95
19 8.907×10−6 1.76 8.944×10−6 1.67 8.967×10−6 1.62 8.960×10−6 1.64
20 8.446×10−6 1.57 8.487×10−6 1.48 8.506×10−6 1.43 8.499×10−6 1.45
21 1.181×10−5 2.29 1.183×10−5 2.24 1.184×10−5 2.23 1.183×10−5 2.24
22 1.100×10−5 2.12 1.103×10−5 2.06 1.105×10−5 2.03 1.103×10−5 2.06
23 2.021×10−5 3.81 2.024×10−5 3.78 2.025×10−5 3.76 2.024×10−5 3.78
the overall upward radiance R reaching outer space within this spectral interval. The
values of R were subsequently compared with those obtained from the spectral radiance
curves determined in terms of the black-body emission theory for a set of plane bodies
having temperatures increasing gradually from 243 to 313 K, in steps of 0.1 K. From the
comparison, we obtained precise evaluations of the equivalent brightness temperature
Tb for all the values of R obtained for the 23 atmospheric models listed in table I. We
then calculated the values of temperature deficit ∆T in terms of eq. (1) for all these
cases, relative to the three subdivision schemes A, B and C given in table II, where the
aerosol extinction was represented in terms of the rural aerosol model [19] normalised
to the visual range V0 = 23 km at ground level. Similar calculations were also made
using a computer programme in which the LOWTRAN 7 code can be used repeatedly
by means of a loop series based on the subdivision scheme D adopted by Tomasi et
al. [45,46], defining an overall number of 324 isothermal layers having depths increasing
with altitude, in the height range from 0 to 100 km. These last values of upwelling
radiance R and temperature deficit ∆T were found to be very close to those calculated
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Table IV. – Values of absolute (second column) and relative differences (third column) between
the radiance values RC and RD, determined for the 23 atmospheric models listed in table I,
using the subdivision schemes C and D, respectively. The corresponding absolute and relative
differences between the values of temperature deficit ∆T for the two subdivision schemes C and
D are given in the fourth and fifth columns, respectively.
Model RC −RD (RC −RD)/RC ∆TC −∆TD (∆TC −∆TD)/∆TC
number (W cm−2sr−1 (cm−1)−1) (K)
1 1× 10−8 0.5× 10−3 −0.01 −2.9× 10−3
2 3× 10−9 0.5× 10−3 −0.01 −6.4× 10−3
3 1× 10−8 0.6× 10−3 −0.01 −3.8× 10−3
4 1× 10−9 0.4× 10−3 −0.01 −1.2× 10−2
5 1× 10−8 0.9× 10−3 −0.02 −7.9× 10−3
6 1× 10−8 0.8× 10−3 −0.02 −8.2× 10−3
7 4× 10−9 0.6× 10−3 −0.01 −7.8× 10−3
8 4× 10−8 2.3× 10−3 −0.06 −1.9× 10−2
9 4× 10−8 1.8× 10−3 −0.03 −8.4× 10−3
10 2× 10−8 1.6× 10−3 −0.04 −2.0× 10−2
11 4× 10−9 0.6× 10−3 −0.01 −7.8× 10−3
12 7× 10−9 0.9× 10−3 −0.02 −1.3× 10−2
13 1× 10−8 0.8× 10−3 −0.03 −1.3× 10−2
14 4× 10−8 2.6× 10−3 −0.05 −1.8× 10−2
15 1× 10−8 0.6× 10−3 −0.01 −3.7× 10−3
16 4× 10−8 1.9× 10−3 −0.04 −1.2× 10−2
17 6× 10−9 0.6× 10−3 −0.02 −1.5× 10−2
18 1× 10−8 0.9× 10−3 −0.02 −1.0× 10−2
19 7× 10−9 0.8× 10−3 −0.02 −1.2× 10−2
20 7× 10−9 0.8× 10−3 −0.02 −1.4× 10−2
21 1× 10−8 0.9× 10−3 −0.01 −4.5× 10−3
22 2× 10−8 1.8× 10−3 −0.03 −1.5× 10−2
23 1× 10−8 0.5× 10−3 −0.02 −5.3× 10−3
using the three subdivision schemes given in table II. All the values of upwelling radiance
R and temperature deficit ∆T obtained for the 23 atmospheric models listed in table I
are given in table III, as determined for the visual range V0 = 23 km relative to the rural
aerosol model [19]. The results show that very small discrepancies exist among the values
of R and among those of ∆T obtained using the subdivision schemes A, B, C and D. For
instance, considering the absolute and relative differences presented in table IV between
the values of R and ∆T obtained using the subdivision schemes C (with 34 isothermal
layers) and D (with 324 isothermal layers), it can be noticed that the differences between
the radiance evaluations do not exceed the value of 4× 10−8 W cm−2 sr−1 (cm−1)−1, as
in the case of the Po Valley Spring (12:00 GMT) model, which corresponds to a relative
variation smaller than 0.26%. Similarly, the values of parameter ∆T determined using
the more detailed scheme D were found to be higher than those obtained with scheme
C by no more than 0.06 K, presenting relative differences between the estimates of ∆T
ranging from −0.29% (model TR) to −2.0% (Milan Autumn model).
The agreement between the results obtained using different subdivision schemes is also
confirmed by the results shown in fig. 5, where the values of ∆T given in table III are
plotted vs. the precipitable water values determined in table I for the various atmospheric
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models. Best-fit lines in the form of the following equation:
∆T = a0 + a1w ,(2)
were also drawn in fig. 5, providing very similar values of intercept a0 and slope coefficient
a1. As can be seen, the regression lines determined for the four sets of values of ∆T are
very close one to another. For example, the best-fit line found for the data-set defined
using the subdivision scheme C is given by the pair a0 = 1.15 K and a1 = 0.61 K g−1cm2,
with a regression coefficient of +0.71, while the best-fit line determined for the data-set
given by the scheme D was found for a0 = 1.17 K, a1 = 0.61 K g−1cm2 and regression
coefficient of +0.70. Examining the values of a0 and a1 obtained in fig. 5 for the four
best-fit lines, one finds that the dependence features of ∆T on precipitable water can be
realistically examined also by using the three subdivision schemes A, B and C, based on
the use of a limited number of isothermal layers. However, this is true only in cases where
the atmospheric models are characterised by continuous features of the vertical profiles of
temperature and absolute humidity and do not present abrupt and large changes of the
thermodynamic parameters with height. Bearing in mind that discontinuity features can
take place very frequently in reality, often within layers of limited depth, we decided to use
the sub-division scheme D in further calculations aimed at investigating the dependence
features of ∆T on the meteorological and composition parameters of the atmosphere.
The results shown in fig. 5 clearly indicate that the temperature deficit ∆T increases
very steeply as a function of precipitable water. It assumes values ranging between 1
and 2 K in atmospheric models characterised by cold and relatively dry air conditions of
the low troposphere (with precipitable water w ranging between 0.42 and 1.28 g cm−2)
and exhibits values higher than 3 K in models characterised by warm and humid air
conditions within the lower tropospheric region (giving values of w ranging between 2.07
and 5.11 g cm−2). However, the data-points in fig. 5 are widely scattered, suggesting that
a close linear relationship between ∆T and w cannot be found for such an inhomogeneous
set of atmospheric models, characterised by greatly varying thermal conditions of the
troposphere and features of the vertical distribution curve of absolute humidity. The
results shown in fig. 5 turn out to be very similar to those determined by Grassl [47],
who examined the dependence characteristics of temperature deficit on the water vapour
content of the US Standard Atmosphere [17] in the AVHRR channels 4 and 5, centred at
11 µm and 12 µm wavelengths, respectively. He explained these dependence features not
only in terms of water vapour absorption, but also of variations in the vertical distribution
curves of air temperature. In particular, he pointed out that: i) the temperature deficit
∆T assumes lower values in cold atmospheres than in warm atmospheres, even though
precipitable water w does not change; ii) ∆T increases as a function of w, presenting
very low values of the slope-coefficient in atmospheres characterised by nocturnal cooling
effects within the ground layer; and iii) ∆T increases with w, presenting gradually higher
values of the slope-coefficient as the atmospheric ground layer becomes warmer, as a
consequence of ground heating due to solar radiation.
Similar results were also found by Tomasi et al. [45] on the basis of preliminary cal-
culations of the ∆T variations due to precipitable water w, within the AVHRR channels
3, 4 and 5, performed assuming that different temperature gradients formed within the
ground layer of 0.3 km depth in the US Standard Atmosphere [17].
Taking these results into account, we decided to examine more closely the dependence
features of temperature deficit ∆T on 1) the shape of the vertical profile of temperature
within the ground layer, and 2) precipitable water. Moreover, considering that ∆T can
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Fig. 5. – Values of temperature deficit ∆T as a function of precipitable water w, as obtained
for the 23 atmospheric models listed in table I and labelled with the same numbers used in
table I. The atmospheric models were subdivided into horizontal layers according to the vertical
subdivision schemes defined in table II by series A (open circles), series B (solid triangles), series
C (solid circles) and scheme D adopted by Tomasi et al. [45, 46] (open squares), which divides
the atmospheric region from 0 to 100 km height into 324 isothermal layers. The corresponding
four best-fit lines defined in the form of eq. (2) were found to differ very little, presenting very
close values of intercept a0, slope coefficient a1 and regression coefficient r, as can be seen in the
figure itself. These results indicate that the evaluations of ∆T obtained using the subdivision
scheme C are in practice fully reliable, to an extent comparable with that of scheme D.
be also appreciably modified by other extinction processes occurring in the atmosphere,
such as aerosol extinction and absorption by minor gases, we also examined the depen-
dence features of ∆T on i) the variations in the aerosol optical thickness and radiative
properties, and ii) the changes in the mean atmospheric concentrations of the minor
gases presenting marked absorption features within the 3.5–4.0 µm spectral range, such
as methane and nitrous oxide.
6. – Dependence of temperature deficit on the thermal characteristics of the
atmosphere
To determine the dependence features of temperature deficit ∆T on the vertical dis-
tribution characteristics of air temperature T (z) within the atmospheric ground layer,
we calculated the values of ∆T following the procedure described in the previous section
and based on the use of the subdivision scheme D [45,46]. Six sets of atmospheric models
were considered, each set being obtained from one of the six atmospheric models called
TR, MW, MS, SW, SS and US in table I [17]. The six sets were determined by modifying
the six vertical profiles of air temperature proposed by McClatchey et al. [17], as follows:
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i) for each original model, we fixed six values of height zj increasing from 0.1 to
0.6 km, in steps of 0.1 km;
ii) for each value of zj , we assumed that the vertical profile of temperature at the
altitudes higher than zj is the same given by the original model of McClatchey et al. [17];
iii) at altitudes z  zj , we assumed that temperature T (z) takes the value given by
the original model at height zj and increasing or decreasing values with height at all the
underlying levels from zj to the sea-level: these values of air temperature were calculated
for 13 different values of the temperature gradient γ = dT (z)/dz, assumed to vary from
−20 to 40 K/km, in steps of 5 K/km.
We obtained a set of 78 vertical profiles of air temperature within the ground layer
for each of the six above-chosen atmospheric models, correspondingly finding 78 different
values of the surface temperature Ts. Moreover, we assumed that all the 78 atmospheric
configurations relative to each atmospheric model were characterised by the same value
of precipitable water w, assumed to be equal to that given by the original model (see
table I). This was done by appropriately modifying the relative humidity conditions
at all the levels within the ground layer z  zj , in such a way as to impose constant
percentage variations of relative humidity f at all the significant levels of the ground
layer, then uniformly lowering or increasing the original values of f in all the 78 cases.
For the overall 468 atmospheric configurations defined for the six atmospheric models,
we then calculated the corresponding values of temperature deficit ∆T , by assuming
specifically that the ground temperature is equal to the surface-level air temperature
Ts defined through the above assumptions of parameters zj and γ. Figure 6 presents
the values of ∆T obtained for model US, in which the above-fixed six values of height
zj and the 13 values of temperature gradient γ have been imposed. The results show
that ∆T gradually decreases as gradient γ increases, presenting negative slopes, whose
absolute values increase appreciably as zj raises from 0.1 to 0.6 km and become gradually
more pronounced passing from negative to positive values of γ. Only in the cases with
zj = 0.1 km and zj = 0.2 km, were the results found to follow closely linear dependence
patterns, clearly indicating that ∆T can be realistically assumed to vary linearly as a
function of temperature gradient γ in cases where the inversion layer at the ground has
a limited depth.
Figure 7 presents the 468 values of ∆T obtained for the six models of McClatchey et
al. [17] as a function of the surface temperature Ts, separately for each model. The values
of ∆T calculated for each model were found to increase as a function of Ts, following very
closely the patterns described by a polynomial curve throughout the corresponding range
of Ts. Relatively low and mostly negative values of ∆T were obtained for cold atmospheric
conditions of the ground layer, such as those represented by the configurations defined for
models SW and MW, which both present strong temperature inversions near the ground.
Higher and positive values of ∆T were found for warmer conditions of the ground layer,
as in the configurations obtained from models MS and TR for negative values of γ that
yield values of Ts higher than 285 K, i.e. in the presence of adiabatic or super-adiabatic
conditions of the thermal gradient within the ground layer. Six best-fit polynomial curves
of the second order were determined for the six sets of atmospheric configurations shown
in fig. 7 in terms of the following equation:
∆T = b0 + b1Ts + b2T 2s ,(3)
with ∆T and Ts measured in K. The best-fit values of coefficients b0, b1 and b2 are
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Fig. 6. – Dependence curves of temperature deficit ∆T on temperature gradient γ assumed in
the ground layer of atmospheric model US, as found in the 3.5–4.0 µm spectral range for 78
different vertical profiles of temperature. The profiles were obtained by modifying the original
vertical profile of temperature given by model US through the assumption of six different values
of parameter zj , equal to 0.1, 0.2, 0.3, 0.4, 0.5 and 0.6 km, and 13 values of temperature gradient
γ, ranging from −20 K/km to 40 K/km in steps of 5 K/km. The relative humidity conditions of
the ground layer were also appropriately modified within the first 2 kilometres of the atmosphere,
to obtain a constant value of precipitable water w = 1.42 g cm−2 for all the 78 vertical profiles
of air temperature.
Table V. – Best-fit values of coefficients b0, b1 and b2 defining the polynomial curves with the
analytical form of eq. (3), as found for the six sets of values of temperature deficit ∆T obtained
for the six atmospheric models shown in fig. 7.
Atmospheric models b0 (K) b1 b2 (K
−1) Regression coefficient r
Tropical (TR) −329.1 2.05 −3.1× 10−3 0.99995
Mid-latitude Winter (MW) −203.9 1.41 −2.4× 10−3 0.9999
Mid-latitude Summer (MS) −308.6 1.97 −3.1× 10−3 0.99995
Subarctic Winter (SW) −223.7 1.64 −3.0× 10−3 0.9998
Subarctic Summer (SS) −248.7 1.62 −2.6× 10−3 0.9999
US Standard
Atmosphere 1976 (US) −230.2 1.52 −3.0× 10−4 0.9999
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Fig. 7. – Values of temperature deficit ∆T plotted as a function of surface temperature Ts, as
found for six sets of atmospheric models obtained by modifying the vertical profiles of tempera-
ture and the moisture characteristics of atmospheric models TR (Tropical), MW (Mid-latitude
Winter), MS (Mid-latitude Summer), SW (Subarctic Winter), SS (Subarctic Summer), and US
(US Standard Atmosphere 1976), as follows: each set was determined by changing the original
vertical profile of air temperature through the assumption of the six values of height zj listed
in the figure and the 13 values of temperature gradient γ in the ground layer, already chosen
in fig. 6. Moreover, the relative humidity conditions of the ground layer were modified in each
atmospheric model in such a way as to obtain the same original value of precipitable water w
for all the 78 various configurations. The values of intercept b0, coefficients b1 and b2 found for
the polynomial best-fit solutions drawn in the form of eq. (3) and the corresponding values of
regression coefficient r are given in table V.
given in table V, together with the corresponding values of the regression coefficient r,
all found to be better than 0.999. The values of b0 were all found to be negative, varying
from −329.1 K (model TR) to −203.9 K (model MW) and, hence, increasing as the
mean temperature conditions of the atmosphere gradually decrease. Correspondingly,
coefficient b1 was found to assume positive values, varying between 1.41 (model MW)
and 2.05 (model TR), and hence increasing in general with the thermal conditions of
the atmosphere, while coefficient b2 assumed negative values ranging between −3.0 ×
10−4 K−1 (model US) and −3.1 × 10−3 K−1 (models MS and TR). The values of ∆T
calculated above do not appear to be appreciably scattered in the diagram of fig. 7,
since they follow very closely the best-fit curves drawn in the diagram, each curve being
obtained for one of the six models of McClatchey et al. [17]. Realistic estimates of the
mean variations of ∆T can be obtained as a function of Ts, for various latitudes and
seasons, by using in eq. (3) the best-fit values of b0, b1 and b2 given in table V for the
various models. The results shown in fig. 7 also indicate that considerable variations
in the temperature deficit ∆T can be caused by i) formation of more or less marked
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temperature inversion profiles within the ground layer, often due to nocturnal cooling,
and ii) superadiabatic lapse rate features, due to very intense heating of the ground layer
by solar radiation. It is also of interest to note in fig. 7 that the fastest rates of these
dependence features have been found in warm atmospheres (models TR and MS) and
the slowest ones in cold atmospheres (models SW and MW).
7. – Dependence of temperature deficit on precipitable water
The results shown in fig. 7 were found on the assumption that precipitable water does
not change in the 78 configurations of the atmosphere derived from each atmospheric
model. Thus, the curves of ∆T plotted in fig. 7 as a function of surface temperature
Ts provide the measure of the variations in ∆T due only to changes in the thermal
conditions of the atmospheric ground layer, and not to changes in atmospheric water
vapour absorption, since precipitable water was assumed not to vary.
This section examines the aspects concerning the dependence features of ∆T on pre-
cipitable water. We considered the four models TR, US, MW and SW [17] characterised
by warm, cold and temperate conditions of the low troposphere. In each model, we
assumed only one value of parameter zj , equal to 0.4 km, and seven values of the tem-
perature gradient γ, increasing from −20 to +40 K/km in steps of +10 K/km. Instead
of maintaining constant the precipitable water, we assumed various values of relative hu-
midity f within the ground layer of 2 km depth, taking six increasing values of parameter
f from 30% to 80% in regular steps of 10%, thus obtaining six increasing and regularly
spaced values of w for each value of γ.
For the four sets, each consisting of 42 atmospheric configurations, we then calculated
the temperature deficit ∆T following the procedure described in sect. 5 and using the
subdivision scheme D [45,46]. The results are shown in fig. 8, where the values of ∆T are
plotted as a function of precipitable water w, separately for each atmospheric model and
each value of gradient γ. Considering that the absolute values of the regression coefficients
of the best-fit lines drawn in fig. 8 are all close to the unity, the findings indicate that
parameter ∆T varies almost linearly as a function of w for each atmospheric model
and each gradient γ. This is true throughout all precipitable water intervals resulting
from the assumptions made above on the humidity conditions of the lower troposphere.
Increasing trends of ∆T were found in all four models in correspondence to the negative
values of γ, while values of the slope coefficient close to zero or negative were obtained
for values of γ higher than 10 K/km, the negative slope becoming gradually steeper as
γ increases.
The dependence curves shown in fig. 8 clearly indicate a close relationship between
∆T and w, in accordance with the remarks made in Grassl [47]. The proportionality co-
efficient between ∆T and w decreases gradually with γ in all the four sets of atmospheric
configurations presented in fig. 8, while the intercept also decreases almost regularly, as
γ increases on passing from unstable (superadiabatic) to stable conditions of the ground
layer. On the basis of these results and bearing in mind that ∆T is proportional to w, we
decided to investigate the dependence features of the proportionality coefficient between
∆T and w on the temperature gradient γ. Thus, we calculated the ratio ∆T/w for all
the 468 atmospheric cases considered in fig. 7, relative to the six models TR, MW, MS,
SW, SS and US [17] and defined for 6 values of zj from 0.1 to 0.6 km and 13 values of γ
from −20 to +40 K/km. The results are shown in fig. 9, separately for each atmospheric
model. The relationship curves defined for warm atmospheres (models TR and MS) in-
dicate that ratio ∆T/w does not change widely as a function of γ, since it presents values
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Fig. 8. – Temperature deficit ∆T plotted as a function of precipitable water w, as obtained in the
3.5–4.0 µm spectral range for the atmopheric models TR (Tropical), MW (Mid-latitude Winter),
US (US Standard Atmosphere 1976), and SW (Subarctic Winter). Forty-two configurations were
obtained for each atmospheric model, by modifying the original vertical profile of air temperature
at all the significant levels below height zj = 0.4 km, by assuming i) seven values of temperature
gradient γ ranging from −20 K/km (open squares) to + 40 K/km (open circles) in steps of
10 K/km, and ii) six values of relative humidity within the atmospheric layer from 0 to 2 km
height, increasing from 30% to 80% in steps of 10%. Thus, six values of precipitable water w
were obtained for each value of γ, obtaining an overall number of 42 different values of w for
each model. The corresponding best-fit lines are also drawn for each of the seven values of γ
assumed in each atmospheric model.
ranging only between nearly +1 and −1 K g−1cm2. The curves found in the cases with zj
no higher than 0.3 km can be approximated very closely by lines, while those determined
for zj  0.4 km exhibit gradually more pronounced convex shapes. This increasingly
marked trend indicates a growing influence of the thermal features of the atmosphere on
∆T , which gradually increases as level zj rises becoming at least of 0.3 km.
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Fig. 9. – Dependence curves of ratio ∆T/w on temperature gradient γ, as obtained in the 3.5–
4.0 µm spectral range for the sets of 78 configurations derived from each of the six atmospheric
models SW, SS, MW, US, MS and TR. The vertical profile of air temperature was modified by
assuming the above-chosen 6 values of height zj ranging from 0.1 (solid circles) to 0.6 km (open
squares) in steps of 0.1 km and 13 values of temperature gradient γ, increasing from −20 to
+40 K/km in steps of +5 K/km.
The relationship curves found for temperate atmospheres, such as those represented
by models US and SS, present values of ratio ∆T/w varying more widely than those
determined in the two previous cases, i.e. from +1.5 to −2 K g−1cm2. The curves exhibit
more convex shapes than those of models TR and MS, presenting values that gradually
increase as zj becomes higher and γ increases to give form to pronounced temperature
inversion profiles. Only in the cases with zj = 0.1 km, can the variations of ∆T/w as a
function of γ be satisfactorily best-fitted by lines. These results indicate that ratio ∆T/w
decreases as i) level zj increases, i.e. as the ground-layer depth becomes larger, and ii)
gradient γ increases, i.e. as the ground layer becomes more stable. In other words,
∆T/w lowers as the inversion layer extends and the thermal inversion gets stronger.
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Fig. 10. – Dependence curves of ratio ∆T/w as a function of surface temperature Ts, obtained
for the six atmospheric models shown in fig. 9. Each original atmospheric model was modified
by assuming 6 values of height zj from 0.1 to 0.6 km and 13 values of temperature gradient
γ, as in fig. 9. The best-fit values of parameters c0, c1 and c2, defining the polynomial curves
drawn for each of the six atmospheric models, are given in table VI, together with the values of
regression coefficient r.
In the two cold atmosphere cases considered in fig. 9 (models MW and SW), the
dependence features of ∆T/w on γ turn out to cover even more extensive ranges than in
the other four models, since its values were found to vary between +4.5 and−7 K g−1cm2,
while the relationship curves present particularly high and variable values of the slope
coefficients for positive values of γ and values of zj greater than 0.3 km. Only in the
cases with zj = 0.1 km, was ∆T/w found to decrease almost linearly with γ, presenting
features similar to those of the curves defined for the other four atmospheric models and
for the lower values of zj .
These findings fully confirm the results obtained in fig. 7, indicating that ratio ∆T/w
tends to assume gradually lower values until becoming negative, and considerably lower
than −1 K g−1cm2 in cold atmospheres, as parameter γ assumes positive and higher
values and zj takes the highest values. In other words, the ratio ∆T/w is expected to
become gradually lower and negative, as the surface temperature Ts decreases. Thus, it
is important to take into account that ∆T increases with Ts, as has been clearly shown
in fig. 7, and that a close dependence relationship exists between ∆T and w, which is a
function of parameters zj and γ, as shown in fig. 8. In order to define analytical forms
suitable for representing such dependence features, we reconsidered the calculations of
∆T shown in fig. 7 that were obtained for six atmospheric models [17], 6 values of zj , 13
values of γ, and only one value of w for each set of 78 atmospheric configurations. The
values of ∆T/w obtained for all the 468 configurations are plotted in fig. 10 as a function
of surface temperature Ts, separately for each of the six atmospheric models [17].
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Table VI. – Best-fit values of coefficients c0, c1 and c2 defining the polynomial curves with the
analytical form of eq. (4), as found for the six sets of values of ratio ∆T/w obtained for the six
atmospheric models shown in fig. 10.
Atmospheric models c0 c1 c2 Regression
(K g−1cm2) (g−1cm2) (K−1g−1cm2) coefficient r
Tropical (TR) −79.9 0.498 −8.0× 10−3 0.9999
Mid-latitude Winter (MW) −239.9 1.661 −2.8× 10−3 0.9999
Mid-latitude Summer (MS) −105.7 0.674 −1.1× 10−3 0.9999
Subarctic Winter (SW) −532.5 3.912 −7.1× 10−3 0.9996
Subarctic Summer (SS) −118.9 0.776 −1.2× 10−3 0.9999
U.S. Standard
Atmosphere 1976 (US) −162.2 1.072 −1.7× 10−3 0.9999
These results agree very well with those found in fig. 9, showing that ∆T/w varies as
a function of Ts, presenting very continuous features. The values of ∆T/w were found
to vary: i) more rapidly in the colder atmospheres (models SW and MW), where a wide
range from nearly −8 to about +4 K g−1cm2 turns out to be covered, ii) at slower rates
in the temperate atmospheres (models US and SS), where the range of ∆T/w extends
from about −2 to +2 K g−1cm2, and iii) even more slowly in warm atmospheres (models
MS and TR), covering a narrower range of ∆T/w from only −1 to about +1.5 K g−1cm2.
Thus, the six relationship curves can be represented with a good approximation by almost
linear analytical functions, which were determined as best-fit curves of the six sequences
of points drawn in fig. 10 obtained in terms of the polynomial form of the second order,
∆T/w = c0 + c1Ts + c2T 2s ,(4)
with ∆T and Ts measured in K and w in g cm−2. The best-fit values of intercept c0 and
coefficients c1 and c2 are given in table VI, together with the corresponding values of
the regression coefficient r, all found to be better than 0.999. All the values of intercept
c0 are negative, ranging between −532.5 K g−1cm2 (model SW) and −79.9 K g−1cm2
(model TR) and, hence, increasing with the air temperature at the top-level of the ground
layer. The corresponding values of coefficient c1 were found to assume positive values
varying from 0.498 g−1cm2 (model TR) to 3.912 g−1cm2 (model SW) and, therefore,
increasing as the atmosphere becomes gradually colder at the ground. Coefficient c2 was
found to assume negative values ranging from −8.0 × 10−4 K−1g−1cm2 (model TR) to
−7.1×10−3 K−1g−1cm2 (model SW), presenting the general tendency to increase as the
atmosphere evolves from warm and humid to cold and dry air conditions. Taking into ac-
count that the values of ∆T/w found through the present calculations very closely follow
the best-fit curves determined in fig. 10, we can state that realistic evaluations of ratio
∆T/w can be achieved for various latitudinal and seasonal features of the atmosphere
using the relationship curve defined in eq. (4) for the best-fit values of coefficients c0, c1
and c2 given in table VI.
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Fig. 11. – Temperature deficit ∆T as a function of the mean atmospheric concentration C (CH4)
of methane, assumed to take nine values increasing from 1.3 to 2.1 p.p.m., in steps of 0.1 p.p.m.,
within the four atmospheric models TR (Tropical), US (US Standard Atmosphere 1976), MW
(Mid-latitude Winter) and SW (Subarctic Winter). The aerosol particle extinction is represented
in terms of the rural aerosol extinction model [19], normalised to the visual range V0 = 23 km.
The values of the slope coefficient k of the best-fit lines give the measure of the variations of
∆T per unit change in the mean global methane concentration C (CH4).
8. – Dependence of temperature deficit on methane and nitrous oxide
concentrations
As pointed out in sect. 2, molecules of methane (CH4) and nitrous oxide (N2O)
absorb very strongly the infrared radiation emitted upward by the terrestrial surface
and the various atmospheric layers, within well-defined wavelength intervals of the 3.5–
4.0 µm window. This absorption causes appreciable attenuation effects on the overall
upwelling radiance measured by the satellite radiometers, which contribute to increase the
temperature deficit ∆T within such a spectral range. In order to evaluate the intensity
of the effects due to CH4, we considered the four atmospheric models TR, US, MW and
SW [17] representing different latitudinal and seasonal conditions of the atmosphere. We
then simulated the aerosol particle extinction in all the four models by means of the
rural aerosol extinction model [19] normalised to the visual range V0 = 23 km at ground
level. In the four atmospheric models, we assumed that the mean atmospheric methane
concentration C (CH4) increases gradually from 1.3 to 2.1 p.p.m., in regular steps of
0.1 p.p.m.. For all these cases, we calculated the temperature deficit ∆T following the
procedure described in sect. 5. The results are shown in fig. 11, where the values of ∆T
are plotted as a function of C (CH4), separately for each of the four atmospheric models.
They indicate that ∆T varies almost linearly with C (CH4) in all the cases, presenting
very low values of the slope coefficient k, varying between −6.7 × 10−3 K (p.p.m.)−1
(model MW) and +1.2× 10−1 K (p.p.m.)−1 (model US).
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Fig. 12. – a) Relative frequency histogram of the difference δ between the pairs of values of ∆T
calculated for the 23 atmospheric models listed in table I, by separately assuming that the mean
atmospheric methane concentration C (CH4) is equal to 1.7 p.p.m. in the first case and 0 p.p.m.
in the second one. b) Relative frequency histogram of the difference δ between the pairs of values
of ∆T calculated for the 23 atmospheric models in table I, by separately assuming that the mean
atmospheric concentration of nitrous oxide C (N2O) is equal to 0.32 p.p.m. and 0 p.p.m.
Through the procedure defined in sect. 5, we also calculated the values of temperature
deficit ∆T for all the 23 atmospheric models listed in table I, in which C (CH4) was
assumed to be equal to 1.72 p.p.m, i.e. to have the mean global concentration value
measured over the last years. Thereupon, we calculated the values of ∆T for the same
23 atmospheric models, where C (CH4) was assumed to be null. Comparing the two series
of values of ∆T obtained for all the models with C (CH4) = 1.72 p.p.m. and C (CH4) =
0 p.p.m., respectively, we determined the corresponding values of the difference δ between
the temperature deficit evaluations made in atmospheres with and without methane. The
left part of fig. 12 shows the relative frequency histogram of parameter δ, providing the
measure of the partial contribution produced by the present atmospheric concentration
of methane on ∆T . As can be seen, the overall range of δ extends from 0.20 to 0.55 K,
yielding a median value of δ equal to 0.41 K and the two other quartiles equal to 0.36 and
0.45 K. Examining the overall set of values of δ shown in fig. 12, we found an average
value of δ equal to (0.40 ± 0.07) K. Thus, we can state that CH4 produces a mean
temperature deficit per unit variation of its concentration equal to 0.24 K (p.p.m.)−1.
On the basis of the above quartiles, we estimated that this quantity should vary as a
function of the thermal, seasonal and latitudinal characteristics of the atmosphere within
an overall range from 0.11 K (p.p.m.)−1 (in cold atmospheres) to 0.37 K (p.p.m.)−1 (in
warm atmospheres), corresponding to ± three standard deviations.
A similar procedure was also applied to the 23 atmospheric models of table I to obtain
a mean estimate of the temperature deficit contribution due to nitrous oxide absorption
within the 3.5–4.0 µm window. We calculated ∆T for the models in table I, where the
mean global concentration C (N2O) was assumed to be equal to 0.32 p.p.m. in the first
case and to be null in the second case. Then, we calculated the values of the difference
DEPENDENCE OF THE UPWARD TERRESTRIAL RADIANCE ETC. 219
δ between the evaluations of ∆T obtained in atmospheres with and without N2O. The
relative frequency histogram of parameter δ is shown in the right part of fig. 12, covering
the range from 0.15 to 0.50 K and presenting a median value of 0.35 K and the two other
quartiles equal to 0.31 and 0.39 K. From the overall set of values of δ, we obtained an
average value of this parameter equal to (0.35 ± 0.07) K. Considering that the average
estimate of the temperature deficit per unit variation of N2O concentration is equal to
1.1 K (p.p.m.)−1 and the mean global concentration of this minor atmospheric constituent
is more than five times smaller than that of CH4, the above findings indicate that N2O
is expected to produce, in reality, a partial ∆T contribution that is slightly weaker than
the one produced by atmospheric methane. Moreover, taking into account that ∆T can
vary considerably as a function of the thermal, seasonal and latitudinal characteristics of
the atmosphere, we can state that ratio δ/C(N2O) should cover a relatively wide range
from 0.4 to 1.8 K (p.p.m.)−1, as one passes from very cold to very warm conditions of
the atmosphere, this range being defined taking the mean value plus and minus three
times the standard deviation.
In view of these results, the variations in ∆T due to CH4 and N2O are expected
to be considerably smaller than those caused by atmospheric water vapour and by the
thermal characteristics of the atmosphere. Since both CH4 and N2O concentrations
are subject to vary as a function of latitude and season and from one year to another
by a few percentage units [48, 49], the present results indicate that the corresponding
changes in ∆T due to these variations can be correctly estimated to be very small, and
no higher than a few tenths of Celsius degree, even in extreme cases. However, they can
be realistically evaluated and accounted for in the analysis of satellite data, taking into
account the estimates of δ presented in fig. 12 for CH4 and N2O.
9. – Dependence of temperature deficit on atmospheric aerosols
Mie theory predicts that airborne aerosols of natural and anthropic origins cause the
most intense radiative effects on visible radiation, while they extinguish the infrared
radiation more weakly, with intensity features that gradually decrease as wavelength
increases, in all cases presenting good atmospheric transparency conditions and inten-
sity features nearly stable with wavelength in cases of dense haze or fog layers near the
ground. In fact, aerosol particles can cause important attenuation effects on the infrared
radiation emitted upward by the terrestrial surface and the overlying atmosphere, when
they exhibit relatively high values of optical thickness, mainly due to the presence of
significant mass contents of large and giant particles in the vertical atmospheric column.
In these particular cases, aerosols can provide an appreciable contribution to the tem-
perature deficit ∆T within the 3.5–4.0 µm wavelength range. In order to evaluate the
intensity of such effects, we considered the four atmospheric models MW, MS, US and
IO, where the atmospheric aerosol content was assumed to take five intermediate values
throughout a rather large range, passing from high visibility to hazy conditions at the
ground level with visual range V0 equal to 50, 23, 15, 10 and 5 km [19,42,50], respectively.
Correspondingly, the aerosol optical thickness τa(0.55 µm) was evaluated to present five
increasing values equal to 0.152, 0.235, 0.316, 0.432 and 0.780, independent of the origin
of particulate matter.
In order to evaluate the aerosol effects for different radiative properties of particulate
matter, we represented the aerosol extinction features as follows: i) in model MW, using
the monomodal tropospheric aerosol model; ii) in model MS, the bimodal rural aerosol
model; iii) in model US, the bimodal urban aerosol model; and iv) in model IO, the
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Fig. 13. – Temperature deficit ∆T as a function of aerosol optical thickness τa(0.55 µm) cal-
culated for the four atmospheric models MW, MS, US and IO, using in each model a different
aerosol particle extinction model [19] defined for five values of the visual range V0 equal to 5,
10, 15, 23 and 50 km. The particulate extinction features are represented in terms of i) the
maritime aerosol extinction model [19] in model IO, ii) the rural aerosol extinction model [19]
in model MS, iii) the urban aerosol extinction model [19] in model US, and iv) the tropospheric
aerosol extinction model [19] in model MW. The values of the slope coefficient d found for the
four best-fit lines provide the variation in ∆T due to unit increment of τa(0.55 µm).
bimodal maritime aerosol model. All four particle extinction models were defined for
relative humidity equal to 50% along the entire vertical atmospheric path [19]. Following
the procedure described in sect. 5, we then calculated the temperature deficit ∆T for all
the four sets of atmospheric models obtained inserting into the four atmospheric models
MW, MS, US and IO the above aerosol extinction models normalised to five different
values of V0 fixed above. The values of ∆T obtained for all these 20 cases are shown in
fig. 13 as a function of τa(0.55 µm), separately for each atmospheric model. The results
indicate that ∆T increases almost linearly as a function of aerosol optical thickness
τa(0.55 µm), the corresponding best-fit lines yielding values of the slope coefficient d
between 0.02 K (tropospheric aerosols) and 1.17 K (maritime aerosols). The different
slope coefficients obtained in fig. 13 can be mainly explained in terms of the radiative
properties of the columnar aerosols, such as the single scattering albedo and, hence, the
scattering and absorption percentages of these columnar aerosol polydispersions, such
rates also being strongly influenced by the thermal characteristics of the atmosphere.
In fact, a very low variation of ∆T per unit variation of τa(0.55 µm) was found in the
case of model MW, which is the coldest one among those considered in fig. 13. Model
MW contains the monomodal tropospheric particle size-distribution having log-normal
shape, with mode radius equal to about 0.0275 µm and standard deviation equal to 0.35.
This aerosol polydispersion, mainly consisting of small particles, is rather inefficient in
producing scattering of infrared radiation, due to the low values of the Mie ratio between
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particle sizes and wavelengths. Moreover, it is expected to produce moderate absorption
of infrared radiation, the average value of single scattering albedo ω in the 3.5–4.0 µm
wavelength range being equal to 0.699, with a monochromatic value of ω(3.75 µm) equal
to 0.735 [19].
Higher values of the slope coefficient d, equal to 0.27 and 0.46 K, were obtained for the
bimodal models of rural and urban aerosols, associated with models MS and US, respec-
tively, both characterised by temperate thermal conditions. Both polydispersions consist
of similar small and large particle modes, the latter causing more important radiative
effects in terms of absorption of infrared radiation. In fact, the size-distribution curve
consisting of rural aerosols exhibits mode radii equal to about 0.0275 µm and 0.4377 µm
and corresponding standard deviations of 0.35 and 0.40, respectively, while the bimodal
size-distribution curve of urban particles presents mode radii of about 0.0256 µm and
0.4113 µm and the same values of the standard deviations. In spite of the very similar
size-distribution features, the urban aerosols were found to provide more pronounced
temperature deficit effects than rural particles, although associated with the colder at-
mospheric model. Thus, the more marked effects can be reasonably explained by the
fact that urban aerosols absorb infrared radiation more efficiently. In fact, the single
scattering albedo of the urban aerosol polydispersion assumes an average value of 0.427
in the (3.5–4.0) µm window with a monochromatic value ω(3.75 µm) = 0.429 [19], which
is considerably lower than that of tropospheric aerosols. The rural particle polydisper-
sion presents an average value of ω equal to 0.899, with ω(3.75 µm) = 0.914 [19], which
is which is more than twice that of urban aerosols and considerably higher than that
attributed to tropospheric aerosols.
A markedly higher value of d, equal to 1.17 K, was determined in the case of the
bimodal maritime aerosol model, presumably because of the very warm conditions of
the atmosphere represented by model IO, and the presence of an optically predominant
fraction of large and giant marine particles, characterised by a wide wing of giant par-
ticles. In this case, the bimodal size-distribution curve has mode radii equal to about
0.0275 µm and 0.1711 µm, respectively, and corresponding values of the standard de-
viation equal to 0.35 and 0.40. The bimodal aerosol polydispersion causes important
scattering effects and negligible absorption of infrared radiation, as indicated by param-
eter ω, which presents an average value equal to 0.975 in the 3.5–4.0 µm window and a
monochromatic value ω(3.75 µm) = 0.982 [19]. Therefore, the particularly high value of
the temperature deficit contribution can be plausibly explained in terms of the very warm
conditions of model IO. The upward emission from the surface and the low atmosphere
is particularly intense and the upwelling infrared radiation turns out to be attenuated
by marine aerosols, being subject to a strong reduction in spite of the kind of radiative
effects generated by these almost purely scattering particles.
In order to examine more closely the effects induced by the various columnar aerosol
polydispersions on ∆T in the presence of different thermal conditions of the atmosphere,
we calculated the values of ∆T for the 23 atmospheric models of table I, representing
the columnar aerosol content in terms of the four aerosol extinction models considered
above [19], and assuming that τa(0.55 µm) is equal to 0.235, which corresponds to a
visual range V0 = 23 km in all cases. We then calculated the values of ∆T for the 23
atmospheric models in table I, assumed to be without aerosols, that is with τa(0.55 µm) =
0. From these results, we determined for each model the value of the difference δa
between the value of ∆T calculated for τa(0.55 µm) = 0.235 and the corresponding value
of ∆T obtained without aerosols. With this procedure, we defined four sets of differences
δa, corresponding to maritime, rural, urban and tropospheric aerosol polydispersions,
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Fig. 14. – Relative frequency histograms of the difference δa between the values of temperature
deficit ∆T calculated for the 23 atmospheric models listed in table I in the case with aerosol
optical thickness τa(0.55 µm) = 0.235 and in the case without aerosols, respectively.
respectively [19]. The relative frequency histograms of δa obtained from the four sets
relative to different aerosol polydispersions are drawn in fig. 14. The results show that:
a) Maritime aerosols can produce partial contributions of ∆T covering a wide range
from −0.05 to 0.60 K, with a median value of 0.28 K and the other two quartiles of
0.12 and 0.38 K, respectively. The results provided an average value of δa equal to
(0.26 ± 0.18) K, corresponding to a mean value of ∆T per unit τa(0.55 µm) equal to
(1.10± 0.80) K, in close agreement with the results found in fig. 13 for model IO.
b) Rural aerosols produce partial values of ∆T ranging from −0.05 to +0.20 K, with a
median value of 0.11 K and the other two quartiles equal to 0.04 and 0.14 K, respectively.
Examining the overall set of values of δa, we found an average value of this parameter
equal to (0.10 ± 0.06) K and, consequently, a mean value of ∆T per unit τa(0.55 µm)
equal to (0.41 ± 0.25) K.
c) Urban aerosols produce partial values of ∆T varying from −0.05 to +0.25 K, with
a median value of 0.12 K and the other two quartiles of 0.06 and 0.15 K, respectively.
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Correspondingly, we found an average value of δa equal to (0.12 ± 0.07) K and a mean
value of ∆T/τa(0.55 µm) equal to (0.49 ± 0.31) K.
d) Tropospheric aerosols present a limited range of δa, yielding a median value equal
to 0.11 K and the other two quartiles of 0.06 and 0.14 K, respectively. Thus, the average
value of δa was found to be equal to (0.10± 0.05) K, giving a mean value of ∆T per unit
τa(0.55 µm) equal to (0.43 ± 0.22) K.
Therefore, maritime particles turn out to cause the most marked effects on the overall
temperature deficit ∆T , which can often exceed 1 K per unit variation of τa(0.55 µm).
The other evaluations of δa determined for rural, urban and tropospheric aerosols were
found to vary around a mean value of ratio ∆T/τa(0.55 µm) equal to about 0.45 K,
with standard deviations ranging between 0.2 and 0.3 K in all cases. This means that
the temperature deficit caused by aerosols within the 3.5–4.0 µm wavelength range can
become of comparable intensity with those produced by atmospheric water vapour and
those due to the thermal characteristics of the atmosphere only in particular cases of
low atmospheric transparency, associated with the presence of considerable loadings of
particulate matter in the vertical atmospheric column.
10. – Conclusions
The results obtained in the present analysis indicate very clearly that temperature
deficit ∆T closely depends on various parameters. The first is the shape of the vertical
profile of temperature, in particular the part including the ground layer, which can be de-
fined by parameters zj and γ, as shown in fig. 6. Consequently, ∆T appears closely related
to the surface temperature Ts, as shown in fig. 7, where precipitable water is assumed to
remain constant in all the atmospheric configurations derived from each model. The sec-
ond one is precipitable water w, producing nearly linear dependence features, with slope
coefficients that vary as a function of temperature gradient γ, as shown in fig. 8. Ratio
∆T/w turns out to decrease as a function of γ, describing the patterns presented in fig. 9,
whose slope-coefficients depend strongly on the ground-layer depth where nocturnal cool-
ing or ground heating processes take place. Other two parameters are the atmospheric
concentrations of CH4 and N2O, which cause dependence features that can be realisti-
cally represented in terms of closely linear variations, as in the case shown in fig. 11 for
methane, where the slope coefficients vary from one atmospheric model to another, be-
cause of their different temperature features. The last parameter identified in the present
study is the aerosol optical thickness, which presents nearly linear variations, with slope
coefficients depending on the radiative properties of particulate matter and generally
decreasing as one passes from warm atmospheres, such as those observed in low-latitude
oceanic regions, to cold atmospheres, such as those of mid- and high-latitude areas.
Realistic evaluations of precipitable water and thermal characteristics occurring within
the ground layer of the atmosphere can be easily obtained in maritime and land regions,
by examining i) the weather synoptic maps prepared by numerous national meteoro-
logical services (as part of the WMO activities), as well as simultaneous data-sets pro-
vided by networks of ground-based meteorological stations and radiosounding measure-
ments [51-53], and ii) terrestrial surface images taken by various satellite radiometers,
within various infrared channels [54-67]. With the help of these data, the results found
in the present study can be employed to give form to a procedure aimed at evaluat-
ing the temperature deficit ∆T for different seasonal and latitudinal conditions of the
atmosphere. The suggested procedure can be divided into the following steps:
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1) select a certain area of interest, characterised by cloudless sky conditions, and
identify the set of the corresponding pixels to be investigated. Examine the synoptic
maps and the other meteorological data-sets and compare them with information derived
from the images furnished by NOAA, Meteosat and other satellites, to obtain average
estimates of the ground-level temperature T0 of the atmosphere.
2) Examine the satellite images taken within the water vapour channels, the synoptic
maps and the available local radiosounding measurements, to obtain reliable estimates
of precipitable water w∗ in the same area and within the various pixels.
3) Select the most appropriate atmospheric model among those shown in fig. 10,
taking into account the average estimate of T0 obtained at point 1). It can be used
to represent more realistically the atmospheric conditions occurring in that area. For
this model, calculate the value of ratio ∆T/w in terms of eq. (4), where the value of
T0 replaces temperature Ts, and the corresponding best-fit values of coefficients c0, c1
and c2 proposed in table VI are used. In this choice, atmospheric model TR should be
taken to represent low-latitude warm atmospheres, the US model mid-latitude temperate
atmospheres (during spring and autumn periods), the MW model mid-latitude cold at-
mospheres in winter months, the MS model mid-latitude warm atmospheres in summer
months, the SW model high-latitude cold atmospheres in winter periods, and the SS
model mid-latitude warm atmospheres during the summer months.
4) Determine the value of ∆T by multiplying the value of ∆T/w obtained at point
3) by precipitable water w∗ found at point 2).
As shown by the results presented in fig. 10, the value of ∆T determined following the
procedure can be mainly attributed to the combined effects produced by water vapour
absorption and emission processes, which strongly depend not only on the water vapour
mass in the vertical atmospheric column, but also on the thermal conditions of the low
atmosphere, where the main part of precipitable water is present. In addition, this esti-
mate of ∆T includes the contributions produced by i) methane for a mean atmospheric
concentration C (CH4) = 1.72 p.p.m.; ii) nitrous oxide for a mean atmospheric concen-
tration C (N2O) = 0.32 p.p.m.; and iii) rural aerosol particles with optical thickness
τa(0.55 µm) = 0.235, which corresponds to the visual range V0 = 23 km. Therefore, in
all cases where variations in C (CH4), C (N2O) and τa(0.55 µm) should occur within the
pixels under investigation, further corrections become necessary in order to obtain the
most reliable estimates of ∆T . For this purpose, the following remarks should be taken
into account:
a) Temperature deficit increases as C (CH4) increases with a mean slope of 0.24 K
(p.p.m.)−1 and slopes varying between 0.11 K (p.p.m.)−1 in very cold atmospheres and
0.37 K (p.p.m.)−1 in very warm atmospheres. Since C (CH4) currently varies with lat-
itude and season between about 1.80 p.p.m. and no less than 1.52 p.p.m. [68, 69], pa-
rameter ∆T is expected to increase by no more than 0.01 K, as one moves toward the
highest northern latitudes, and to decrease by no more than 0.03 K, on reaching the
highest southern latitudes. Moreover, considering that C (CH4) is predicted to vary by
no more than 0.02 p.p.m./year during the next decade [48], the correction term of ∆T
due to methane should vary correspondingly during the next ten years by no more than
±0.03 K, even for the worse predictions of latitudinal and seasonal conditions. Therefore,
∆T corrections due to CH4 concentration changes are estimated to be smaller than the
error made in evaluating the overall value of ∆T through the above procedure. Thus, in
practice we suggest that the methane correction term can be neglected in all cases.
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b) A mean evaluation of 1.1 K (p.p.m.)−1 was obtained for the N2O temperature
deficit, with an overall range from 0.4 to 1.8 K (p.p.m.)−1. The average atmospheric
concentration C (N2O) is predicted to increase by 5 × 10−4 p.p.m. per year in the near
future [49, 70]. Consequently, the mean global increase of C (N2O) will be of about
5 × 10−3 p.p.m. in the next decade. This implies that the partial term of ∆T due to
N2O is expected to increase correspondingly by about 0.006 K over the next ten years,
with minimum and maximum increments of less than 0.01 K, due to variations in the
thermal conditions of the atmosphere. Therefore, the temperature deficit correction for
N2O can be totally neglected.
c) The evaluations of ∆T shown in figs. 5 to 10 were obtained for τa(0.55 µm) =
0.235, i.e. for a visual range of 23 km, due to the rural aerosol bimodal model [19].
All these values of ∆T contain an aerosol extinction contribution varying from 0.04 K
in very cold atmospheres to 0.16 K in very warm atmospheres, with an average value
of 0.10 K pertinent to temperate mid-latitude atmospheres. Moreover, the relative fre-
quency histograms of parameter δa, presented in fig. 14 and determined for τa(0.55 µm)
= 0.235, due to aerosol polydispersions of various origins, show that the aerosol temper-
ature deficit per unit τa(0.55 µm) varies mostly between 0.3 and 1.9 K in the case of
maritime aerosols, 0.2 and 0.7 K for both rural and tropospheric aerosols, and 0.2 and
0.8 K for urban aerosols.
On the basis of these results, we decided that the temperature deficit estimates ob-
tained following the procedure described in the present section and based on the use of
eq. (4) need to be corrected for the aerosol extinction effects, as follows.
1) In oceanic remote regions, where maritime aerosol particles are predominantly
present and produce values of τa(0.55 µm) mainly ranging between 0.05 and 0.15, each
estimate of ∆T obtained from eq. (4) requires correction for rural aerosol extinction
effects by subtracting a term which is expected to be equal to i) 0.04 K, in cold atmo-
spheres at high latitudes, ii) 0.10 K, in temperate atmospheres at mid-latitudes, and
iii) 0.16 K in warm atmospheres at low latitudes. Thereupon, corrections for the effects
generated by aerosols really present in the atmosphere must be made, by adding values
of ∆T that are all reliably estimated to increase as τa(0.55 µm) increases from 0.05 to
0.15, on the basis of the above evaluations. They indicate that such an additional term
of ∆T correspondingly increases i) from 0.02 to 0.05 K, in very cold atmospheres, at
polar latitudes, ii) from 0.06 to 0.2 K, in temperate atmospheres at mid-latitudes, and
iii) from 0.1 to 0.3 K, in warm atmospheres at low latitudes, according to the results
found in the case of the Indian Ocean model.
2) The estimates of ∆T obtained from eq. (4) need to be corrected in continen-
tal remote regions, where rural and tropospheric aerosols are present with values of
τa(0.55 µm) mostly ranging between 0.05 and 0.15, by subtracting a term that decreases
as τa(0.55 µm) increases from 0.05 to 0.15, as follows: i) from 0.03 K to about 0.01 K,
in very cold atmospheres at polar latitudes, ii) from 0.08 K to about 0.04 K, in temper-
ate atmospheres at mid-latitudes, and iii) from 0.13 K to no less than 0.06 K, in warm
atmospheres at low latitudes.
3) The estimates of ∆T obtained from eq. (4) need to be increased in continental areas,
where anthropic activities are highly developed, since in these regions the vertical aerosol
mass loading consists mainly of urban and rural aerosols, which usually contain important
fractions of carbonaceous substances. These aerosols produce values of τa(0.55 µm)
mainly ranging between 0.3 and 0.6. Thus, the corrections of ∆T can be made by adding
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terms which correspondingly increase with τa(0.55 µm) i) from 0.01 K to no more than
0.07 K, in cold atmospheres at high latitudes, ii) from no less than 0.02 K to more than
0.19 K, at mid-latitudes, and iii) from no less than 0.01 K to about 0.30 K, in warm
atmospheres at low latitudes.
The above corrections of ∆T for the aerosol effects can be more reliably made by tak-
ing into account the evaluations of τa(0.55 µm), which can be determined within the same
pixels by examining satellite images taken in visible and near-infrared radiometric chan-
nels, through appropriate retrieval procedures [71-74]. In this way, the present procedure
and the evaluations of ∆T carried out in this study can be correctly used to provide reli-
able estimates of ∆T within the 3.5–4.0 µm spectral range. The corresponding channels
used by the AVHRR radiometers mounted on the NOAA-7 to NOAA-16 satellites ex-
hibit normalised spectral response curves higher than 90% within the 3.6–3.9 µm spectral
range, as in the case of NOAA-14 satellite, with central wavelengths varying between 3.70
and 3.77 µm. Conversely, the IR3.9 channel of the SEVIRI instrument mounted on the
MSG-1 satellite covers an overall wavelength interval from 3.48 to 4.36 µm, centred at 3.90
µm. Therefore, the present findings are estimated to provide useful evaluations of ∆T for
applications to radiance AVHRR measurements. With regard to the SEVIRI radiance
measurements, the present results can be utilized to derive reliable evaluations of the in-
tensity of the effects produced within the IR3.9 channel wavelength range by the thermal
characteristics of the atmosphere, water vapour, methane, and aerosols. More precise
calculations are presumably required for evaluating the N2O and CO2 absorption effects.
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